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ABSTRACT
Theweakening of tropical overturning circulations is a robust response to global warming in climatemodels
and observations. However, there remain open questions on the causes of this change and the extent to which
this weakening affects individual circulation features such as the Walker circulation. The study presents
idealizedGCM simulations of aWalker circulation forced by prescribed ocean heat flux convergence in a slab
ocean, where the longwave opacity of the atmosphere is varied to simulate a wide range of climates. The
weakening of the Walker circulation with warming results from an increase in gross moist stability (GMS), a
measure of the tropospheric moist static energy (MSE) stratification, which provides an effective static sta-
bility for tropical circulations. Baroclinic mode theory is used to determine changes in GMS in terms of the
tropical-mean profiles of temperature andMSE. TheGMS increaseswith warming, owing primarily to the rise
in tropopause height, decreasing the sensitivity of the Walker circulation to zonally anomalous net energy
input. In the absence of large changes in net energy input, this results in a rapid weakening of the Walker
circulation with global warming.
1. Introduction
In climate models and observations, convective mass
flux and zonally anomalous tropical overturning circu-
lations, such as the Walker circulation, weaken robustly
in response to global warming (Vecchi et al. 2006;
Vecchi and Soden 2007; Merlis and Schneider 2011).
Associated with this weakening is a reduction of tropical
precipitation contrasts (Wills and Schneider 2016; Wills
et al. 2016) and a modification of extratropical Rossby
waves, which influence midlatitude temperature and
precipitation patterns (Seager et al. 2005). A quantita-
tive theory for the strength of convectivemass fluxes and
zonally anomalous tropical overturning circulations is
needed to constrain the associated impacts on tropical
precipitation and midlatitude teleconnections.
Global energetic constraints on evaporation and
precipitation lead to a reduction of the strength of
convective mass fluxes globally in response to increasing
near-surface specific humidity with global warming
(Betts 1998; Held and Soden 2006; Vecchi and Soden
2007; Schneider et al. 2010). This results in a weakening
of zonally anomalous tropical circulations, in which the
bulk of the global convective mass fluxes occur (Held
and Soden 2006; Vecchi and Soden 2007). Zonal-mean
circulations such as the Hadley circulation have to obey
additional constraints—for example, from the angular
momentum balance (Held and Hou 1980; Walker and
Schneider 2006; Schneider 2006)—and therefore are less
free to respond to energetic changes alone than the
zonally anomalous circulations. However, even for
zonally anomalous circulations, the global energetic
constraints do not provide a quantitative theory for local
circulation changes.
Merlis and Schneider (2011) use the atmospheric
moisture budget to construct a local theory for the
strength of zonally anomalous tropical circulations forced
by zonally anomalous ocean heat flux convergence. ThisCorresponding author: Robert C. Wills, rcwills@uw.edu
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theory explains the weakening of theWalker circulation
in terms of the rapid increase in atmospheric moisture
content and moisture stratification with global warming.
However, it requires knowledge of changes in pre-
cipitation anomalies in the ascending branch of the
Walker circulation, which are small compared to changes
in atmosphericmoisture content in their idealized general
circulation model (GCM) simulations. Precipitation
changes are small as a consequence of small changes in
zonally anomalous evaporation, which is constrained
energetically by the prescribed ocean heat flux conver-
gence, and small changes in zonally anomalous pre-
cipitation minus evaporation (P 2 E), which results
from a cancellation between thermodynamic and dy-
namic changes in themoisture budget with warming. This
cancellation is also seen in comprehensive climatemodels
(Seager et al. 2010; Chadwick et al. 2013;Wills et al. 2016)
but is a direct consequence of the reduction in circulation
strength, thus making this a circular argument. The at-
mospheric moisture budget provides a useful link be-
tween changes in circulation and changes in precipitation,
but it does not provide a way of knowing one without
assuming the other.
Knutson and Manabe (1995) analyze the local ener-
getic balances in the ascending and descending regions
of the Walker circulation. Under a quadrupling of at-
mospheric CO2, they find that the increased latent
heating in the ascending branch of the Walker circula-
tion is balanced primarily by an increase in dry static
stability, which increases the dynamic cooling by vertical
motions. This helps rule out the need for an increased
Walker circulation strength to balance the increased
latent heating through enhanced adiabatic cooling. It
does not, however, provide a quantitative theory for
Walker circulation strength, as both the latent heating
and adiabatic cooling are coupled to vertical motion.
A number of studies have used the moist static energy
(MSE) budget and baroclinic mode theory to remove
this cancellation between latent heating and adiabatic
cooling and further constrain tropical circulations
(Neelin andHeld 1987; Neelin and Zeng 2000; Chou and
Neelin 2004; Chou et al. 2009; Chou and Chen 2010). In
particular, Chou and Neelin (2004) propose a mecha-
nism according to which the strength of tropical over-
turning circulations is reduced with warming because of
an increase in gross moist stability (GMS), the effective
static stability felt by tropical circulations. The increase
in GMS is due to an increasing depth of deep convection
and is partially cancelled by an increase in lower-
tropospheric specific humidity (Chou and Chen 2010;
Chou et al. 2013). These changes increase the energy
required to maintain the time-mean Walker circulation.
This is closely related to the warm-gets-wetter
mechanism, according to which ocean regions with en-
hanced surface warming relative to the tropical mean
experience locally reduced GMS and enhanced pre-
cipitation (Xie et al. 2010; Huang et al. 2013). In this
paper, we investigate how GMS constrains changes in
the Walker circulation strength across a wide range of
climates in an idealized GCM.
In the real climate system, the Walker circulation is
coupled to interannual variability of tropical Pacific SST
as part of El Niño–Southern Oscillation (ENSO)
(Philander 1990). Additionally, cloud and water vapor
radiative effects in convective regions result in leading-
order modifications of the net energy input to the at-
mosphere (Ramanathan et al. 1989; Hartmann et al.
2001). These factors complicate an analysis of modeled
changes in the atmospheric energy budget with warming
in regions of tropical deep convection. Here, we exam-
ine the response of a Walker circulation forced by pre-
scribed tropical ocean heat flux convergence to global
warming across a wide range of climates in an idealized
GCM without water vapor or cloud radiative effects.
The simplicity of our model is an advantage, because the
net energy input to the atmosphere is determined almost
entirely by the external forcing, allowing a simple as-
sessment of the factors controlling the sensitivity to this
forcing.
We construct a theory for changes in GMS that con-
strains the strength of the Walker circulation in terms of
the net energy input. As a result, the Walker circulation
strength can be determined from tropical-mean profiles
of temperature andMSE and the zonally anomalous net
energy input in the ascending branch. The zonally
anomalous net energy input, which is determined by
prescribed ocean heat fluxes in our experiments, can
easily be generalized to real-world situations with time-
variable ocean heat fluxes and radiative feedbacks.
We describe the idealized GCM experiments in sec-
tion 2. In section 3, we analyze the MSE budget and use
the dominant balance to diagnose changes in Walker
circulation strength based on the GMS. We also
introduce a quasi-equilibrium theory for the GMS,
which relates GMS to the tropical-mean temperature
and MSE profiles. In section 4, we relate changes in the
warm pool P 2 E anomaly to changes in Walker circu-
lation strength. We provide discussion of the connection
of this work to work on tropical SST contrasts and cloud
feedbacks in section 5. In section 6, we present our
conclusions.
2. Idealized GCM experiments
To study the response of the tropical atmosphere to
prescribed ocean heat fluxes, we use the idealized moist
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GCM of O’Gorman and Schneider (2008), which is
based on that of Frierson et al. (2006) and uses the
GFDL spectral dynamical core. A quasi-equilibrium
convection scheme is used to parameterize moist convec-
tion (Frierson 2007). We prescribe a perpetual-insolation
profile resembling Earth’s annual-mean profile, as in
O’Gorman and Schneider (2008). The atmosphere ab-
sorbs broadband longwave fluxes but lacks interactive
water vapor and cloud radiative effects.
We force aWalker circulation by prescribing a zonally
anomalous ocean heat flux divergence (Q flux) using a
slab-ocean aquaplanet boundary condition with 1-m
mixed-layer depth. These simulations are described in
further detail inWills and Schneider (2016). The zonally
anomalous Q flux is constrained to the equatorial re-
gions and has the form
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where Q15 50Wm22, lW 5 908, lE5 2708, sl5 12:58,
and sf5 88, as in Wills and Schneider (2016). Our sim-
ulations differ from those inMerlis and Schneider (2011)
only by small differences in the aspect ratio (zonal vs
meridional elongation) and amplitude of the Q fluxes.
They were chosen as a representative example from the
suite of simulations in Wills (2016).
This zonally asymmetricQ flux integrates to zero in the
zonal mean, such that its effect on the zonal-mean cir-
culation (i.e., Hadley cells) is negligible. We prescribe a
zonal-mean Q flux, representing ocean heat transport
from the equatorial region to the subtropics, as in
Bordoni and Schneider (2008), such that the Hadley cir-
culation strength and extent in the reference simulation
are comparable to that in Earth’s annual-mean climate
(Levine and Schneider 2011). This helps ensure that the
tropical-mean surface temperature and stratification in
the reference simulation are close to modern values.
The net zonally anomalous energy input to atmo-
spheric columns, after accounting for zonal anomalies in
net radiation, is shown in Fig. 1a. Zonal anomalies in net
radiation are small because of the lack of water vapor
and cloud radiative effects in our model. In simulations
in which we include a water vapor radiative effect using
the simple representation of Merlis and Schneider
(2010), zonal anomalies in net radiation are still small
(not shown), but the water vapor feedback leads to
differences in the mean climate (e.g., tropical-mean
stratification), which can modify the Walker circulation.
Global warming is simulated by rescaling the refer-
ence optical depth, t5atref, where tref is a function of
latitude and height (O’Gorman and Schneider 2008).
We use 14 values of the rescaling parameter a between
0.6 and 6.0 to simulate climates with global-mean sur-
face temperatures ranging from 280 to 316K. Each
simulation is spun up for 4 yr, then averaged over the
subsequent 8 yr.
FIG. 1. Zonally anomalous MSE budget [Eq. (4)] in the reference climate, integrated from the surface to the
tropopause (plots are indistinguishable if the integration is continued to the top of the atmosphere). (a) Zonally
anomalous net energy input F net* . (b) Vertical MSE advection hv›phi*. (c) Horizontal MSE advection
2hu  =(T1q)i*. (d) Transient-eddy MSE advection 2h=  (v0T 01 v0q0)1v0›pF0i*. Signs are chosen such that all
other terms add up to the vertical motion term hv›phi*. Black contours showwhere the imposed surface heatingQ*
is above 10Wm22 or below 210Wm22. The transient-eddy term is computed as a residual.
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3. A local energetic theory of the Walker
circulation strength
a. Zonal asymmetries in the MSE budget
The MSE budget and baroclinic mode theory are of-
ten used together to model divergent circulations in the
tropics (Neelin and Held 1987; Neelin and Zeng 2000;
Chou and Neelin 2004; Neelin 2007). The MSE budget
combines the thermodynamic energy and moisture
budgets, leading to a cancellation of adiabatic cooling
and latent heating. It can be expressed as
›
t
hT1 qi1 hu  =(T1 q)i1 hv›
p
hi5F
net
, (2)
where the angle brackets denote a mass-weighted ver-
tical integral over the troposphere,F net is the net energy
input to an atmospheric column, u is the horizontal wind
on pressure levels,v is the vertical pressure velocity, and
h5T1F1 q is the MSE, determined in terms of
temperature T, geopotential F, and specific humidity q
(temperature and specific humidity have absorbed fac-
tors of specific heat capacity and latent heat of vapor-
ization, such that they are in units of joules per
kilogram). The net energy input can be combined with
the surface energy balance to express it in terms of the
net incoming shortwave radiation S and outgoing long-
wave radiation L at the top of the atmosphere, and the
energy uptake Q by the (ocean) surface,
F
net
5S2L2Q . (3)
To focus on zonally anomalous circulations, we in-
vestigate zonal anomalies in the time-mean MSE
budget,
hu  =(T1 q)i*1 hv›
p
hi*1
h=  (v0T 01 v0q0)1v0›
p
F0i*5F
net
* . (4)
Here, a prime denotes a departure from the time
mean and an asterisk denotes a departure from the
zonal mean, which is denoted by square brackets.
Time averages are omitted from the notation for
clarity and are implied on all quantities throughout
the rest of the text. The zonally anomalous net energy
input is dominated by the ocean heat flux conver-
gence, which influences the atmosphere primarily
through evaporative cooling of the surface E (cf.
Merlis and Schneider 2011):
F
net
* ’2Q*’E*. (5)
Other contributions to F net* include zonally anomalous
longwave radiative tendencies, but they are generally
small in the idealized GCM because of the lack of water
vapor and cloud radiative tendencies.
The dominant balance in the tropical convective region
is the weak temperature and weak moisture gradient bal-
ance (Neelin andHeld 1987; Sobel et al. 2001) between the
zonally anomalous net energy input F net* (Fig. 1a) and
the vertical advection of MSE hv›phi* (Fig. 1b):
hv›
p
hi*;F
net
* . (6)
The vertical-advection term hv›phi* can be approxi-
mated by the contribution from stationary-eddy circu-
lations hv*›p[h]i, such that
hv*›
p
[h]i;F
net
* . (7)
This is a consequence of zonal anomalies in h being
small compared to zonal anomalies in v in our simula-
tions. The stationary- and transient-eddy advection
terms (Figs. 1c,d) also play a role, especially on the edges
of the convective region, as discussed by Chou and
Neelin (2004). They are generally smaller than the ver-
tical advection term because horizontal MSE gradients
are small in the deep tropics. In our analysis, the
transient-eddy term is computed as a residual.
The dominant balance (7) of the zonally anomalous
MSE budget holds across the range of climates simu-
lated in the idealized GCM (Fig. 2). The transient-eddy
flux of MSE reduces the energy available to the Walker
circulation by about 20% throughout the range of
climates, but it changes little with warming. The time-
mean flow horizontal advection term is small in all
climates but changes significantly with warming, in-
troducing some errors in the Walker circulation scal-
ings that follow.
b. Gross moist stability and Walker circulation
strength
The dominant balance (7) of the MSE budget con-
strains zonally anomalous vertical velocities v* in terms
of the zonally anomalous net energy input and the MSE
stratification. We focus in particular on the upwelling
branch of the Walker circulation, by averaging v* over
the fixed region where the ocean heat flux convergence
is greater than 10Wm22. The vertical velocity profiles in
the ascent region (Fig. 3a) peak in the midtroposphere;
the height of convective outflow rises with global
warming as the tropopause rises (Fig. 3b).
The weakening of the Walker circulation with
warming can be characterized by the stationary-eddy
vertical velocity at the pressure level where its absolute
value is maximum: vmax* (Fig. 4a). This definition avoids
confounding changes in circulation strength with
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changes in the depth of the circulation and is consistent
with other studies of zonally anomalous circulations
(Merlis and Schneider 2011; Levine and Boos 2016). We
define a gross moist stability M, based on the value of
vmax* in each simulation, which characterizes the MSE
stratification felt by the Walker circulation:
M[2g
hv*›
p
[h]i
v
max*
. (8)
The GMS (Jkg21) increases throughout the range of
climates (Fig. 4b), increasing the energy exported out of
the convective region per unit convective mass flux. In
this framework, the Walker circulation strength is
simply determined by the net energy available divided
by the gross moist stability,
v
max
* 52g
hv*›
p
[h]i
M . (9)
The large increase in GMS with warming (Fig. 4b) leads
to a weakening of the Walker circulation with warming
(Fig. 4a), because the energy available for the vertical
advection of MSE, hv*›p[h]i, is constrained by the col-
umn energy budget [Eqs. (4)–(7)].
Using the dominant balance (7) of the MSE budget, a
scaling can be developed that relates the Walker circu-
lation strength to the net zonally anomalous energy in-
put to an atmospheric column:
v
max
* ;2g
F
net
*
M . (10)
Because changes in radiation are small in our model,
F net* and thus hv*›p[h]i are roughly constant across the
range of climates (Fig. 2). In Fig. 4a, we show the
strength of the Walker circulation that would result if
hv*›p[h]i (i.e., approximately the zonally anomalous
net energy input) were fixed at its value in the reference
climate. This scaling for the Walker circulation strength,
which results solely from changes in GMS, captures the
weakening of the circulation with warming.
Changes in the zonally anomalous net energy input
F net* are expected to be more complex in the real cli-
mate system because of cloud and water vapor radia-
tive effects and because of the temporal variation of
ocean heat fluxes, for example, with ENSO (Philander
1990). The potential roles of cloud and water vapor radi-
ative effects in the climatological Walker circulation and
the Walker circulation response to warming are discussed
in section 5.Regardless of the top-of-atmosphere energetic
FIG. 3. (a) Stationary-eddy vertical velocity profiles averaged over the ascent region. Profiles are shown for 14mean
climate states color coded from coldest (blue) to warmest (yellow). (b) Vertical profile of zonal-mean moist static
energy as a function of global-mean surface temperature, across the range of climates simulated. The tropical-mean
(averaged between1108 and2108 latitudes) tropopause height is shownwith a black line, theLCL (850 hPa) is shown
with a dotted line, and the pressure at which the absolute value of the average vertical velocity profile is maximum for
each climate, computed through a cubic spline fit to the profiles in (a), is shown with white dots.
FIG. 2. Changes in zonally anomalous moist static energy budget
[Eq. (4)] averaged over the ascent region, across the range of cli-
mates simulated. The vertical motion term hv›phi* is primarily
balanced by the imposed zonally anomalous ocean heat flux con-
vergence, with some compensation by transient-eddy MSE fluxes.
The reference climate (289-K global-mean surface temperature) is
indicated with a filled circle. The transient-eddy term is computed
as a residual.
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balance in the real world, the scaling (10) provides a
useful framework for diagnosing the mechanisms be-
hind changes in Walker circulation strength in com-
prehensive climate models and in observations. It is
important to note that F net* is no longer an external
forcing when zonal anomalies of shortwave and long-
wave radiative tendencies depend on the Walker cir-
culation strength through the cloud and water vapor
radiative effects.
The GMS, as measured by M, is an empirical
quantity that summarizes howmuch energy large-scale
tropical circulations export out of convective regions
per unit mass flux, thus characterizing the sensitivity
of the Walker circulation to energetic forcing. The
GMS concept has also been used to understand
changes in the strength of the Hadley circulation
(Kang et al. 2009), but GMS differs for different types
of circulations, because it depends on the vertical
structure of the relevant vertical velocities. Next, we
show how baroclinic mode theory can be used to de-
termine the Walker circulation GMS from the zonal-
mean climate state.
c. A first baroclinic mode theory of GMS
To derive an approximateGMS from its definition (8),
we need to factor the vertical velocity out of the vertical
integral in the vertical advection term, hv*›p[h]i. This
requires knowledge of the vertical structure of zonally
anomalous circulations.
Deep zonally anomalous circulations in the tropics are
well described by the first baroclinic mode (Neelin and
Zeng 2000) and can thus be expressed through a sepa-
ration of variables as
v*(x, p)’2V
1
(p)=  u
1
(x) . (11)
Here, V1(p) contains all information about the vertical
structure of vertical velocities and =  u1(x) contains in-
formation about the horizontal variations of zonally
anomalous divergence. In regions of weak temperature
gradients (Sobel et al. 2001) and convective quasi equi-
librium (Emanuel 2007; Neelin 2007), V1( p) can be cal-
culated explicitly based on a linearization of temperature
anomalies about a tropical-mean temperature profile
Tr( p) (averaged between 1108 and 2108 latitudes):
FIG. 4.Walker circulation strength, GMS, and scalings, averaged over the ascent region. (a) Walker circulation
strength 2v
max* (solid black line) and an estimate of the Walker circulation that would result without changes in
column energetics (i.e., a scaling }M21, dashed black line). (b) Walker circulation GMSM across the range of
climates and estimates based on baroclinic mode theory M1 and on the tropical-mean MSE difference Dh be-
tween the tropopause and the LCL [Eq. (15)], with Dh normalized byM1 in the reference climate (289K, filled
circle). (c) Walker circulation strength and scaling estimates based on hv*›p[h]i or F net* and the GMS estimate
M1 [Eq. (14)]. (d) Scalings for zonally anomalous P2E in the ascent region based on themoisture budget scaling
[Eq. (17), solid gray line] and the QE moisture budget scaling [Eq. (18), dashed black line]. The purely ther-
modynamic wet-gets-wetter scaling, based on the increase of surface specific humidity, with no change in cir-
culation, is shown for reference (blue line). All scalings in (a),(c), and (d) are normalized in the reference climate
(289 K, filled circle).
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T(x, p)’T
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( p)T
1
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Here, T1(x) is the zonal temperature anomaly at the
LCL and A1( p) describes the sensitivity of free-
tropospheric temperature to perturbations at the LCL
based on convective quasi-equilibrium (QE) theory,
where saturation MSE is constant above the LCL
(Emanuel et al. 1994; Emanuel 2007; Neelin and Zeng
2000). The sensitivities of tropospheric horizontal and
vertical winds, V1( p) and V1( p), to perturbations at the
LCL follow from the application of the momentum
equation and continuity equation. This approach was
developed by Neelin and Yu (1994) and Yu and Neelin
(1997) [see also review by Neelin (2007)].
We compute the temperature mode A1( p) and wind
mode V1( p) following Levine and Boos (2016), who
present a generalization of the QE model found in
Neelin and Zeng (2000). The generalization relaxes
some of the approximations on the relative importance
of temperature, moisture, and geopotential for MSE,
such that the V1( p) modes are relevant over the full
range of climates in the idealized GCM simulations (see
the derivation in appendix A). We impose a fixed LCL
height of 850hPa, which is consistent with small changes
in relative humidity (Schneider et al. 2010). The result is
thatA1( p) andV1( p) are determined uniquely from the
tropical-mean temperature profile Tr( p). The QE ver-
tical velocity profiles V1( p) (Fig. 5b) are similar to the
vertical velocity profiles in the ascent region as simu-
lated by the idealized GCM (Fig. 5a). The GCM vertical
velocity profiles in Fig. 5a are normalized such that their
maximum value is the same as the maximum value of
V1( p). Departures of the vertical velocity profiles from
QE are largest near the surface, near the tropopause,
and in the warmest climates (Fig. 5c), but overall, QE
baroclinic modes capture the vertical velocity structure
well in these simulations.
By combining the baroclinic mode decomposition
(11) with the GMS definition (8), we obtain an approx-
imate GMS:
M
1
[2g
hV
1
( p)›
p
[h]i
Vmax1
’M . (13)
Here, Vmax1 is the maximum value of V1( p). The zonal-
meanMSE stratification ›p[h] is averaged between1108
and 2108 latitudes for consistency with the tropical av-
erages used in calculating V1( p). The QE GMS M1
expresses the export of MSE by a typical first baroclinic
perturbation, per unit convective mass flux. It increases
strongly with warming throughout the range of climates,
similar to the empirical GMS M (Fig. 4b). Differences
between M and M1 (Fig. 4b) show departures of the
vertical velocity profiles from the QE profiles (Fig. 5c).
This QE methodology has similarly been used to di-
agnose an increase in GMS with warming in compre-
hensive climate models (Chou and Neelin 2004; Chou
et al. 2013).
The baroclinic mode GMS M1 provides an estimate
of GMS based solely on the tropical-mean profiles of
FIG. 5. (a) Nondimensional stationary-eddy vertical velocity
profiles, normalized such that themaximumvalue is the same as the
QEV1( p) profile. (b) Nondimensional QE vertical velocity profile
V1(p). Profiles are shown for 14 mean climate states color coded
from coldest (blue) to warmest (yellow). (c) Empirical (solid lines)
and QE (dashed lines) vertical velocity profiles for three selected
climates, for ease of comparison: a 5 0.8, 1.4, and 3.0.
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temperature and MSE. Specific humidity scales with
saturation specific humidity, because relative humidity
changes little near the surface (Held and Soden 2000,
2006; Schneider et al. 2010), where atmospheric mois-
ture is concentrated. This means that tropical-mean
specific humidity profiles can be determined from
tropical-mean temperature profiles and a reference
relative humidity. Therefore, the MSE profile is pri-
marily determined by the temperature profile. Further-
more, the tropical-mean profile of temperature and thus
MSE can be estimated from simulations of radiative–
convective equilibrium (RCE), which are described in
appendix B. GMS can thus be thought of as an external
parameter in the response of zonally asymmetric tropi-
cal circulations to climate change, determined primarily
by RCE within a single column.
The Walker circulation strength is determined by the
net zonally anomalous energy input to the atmosphere
and the approximate GMS based on QE:
v
max
* ;2g
hv*›
p
[h]i
M
1
;2g
F
net
*
M
1
. (14)
These scalings both underestimate vmax* by nearly a
factor of 2 because of systematic overestimation of M
by M1, but they do provide an accurate scaling for
changes in vmax* in the cooler and moderately warm cli-
mates when their values are fixed to vmax* in the refer-
ence climate (Fig. 4c). Because the baroclinic mode
GMSM1 underestimates changes in the GMSM, these
scalings lead to an underestimate of the total reduction
in circulation strength between the coldest and warmest
climates.
Levine and Boos (2016) use the same method for
computingV1(p) and combine it with the linear vorticity
balance to account for zonally anomalous circulation
changes in the subtropics. However, we found this
method to be inaccurate in the deep tropics because
nonlinearities in the vorticity budget are important. An
analysis of the vorticity budget as the aspect ratio (zonal
vs meridional elongation) of the ocean heat flux con-
vergence anomaly is varied reveals a near-constant
Walker circulation strength despite large changes in
the underlying vorticity balance [see sections 6.2 and
6.3 of Wills (2016)]. In equatorially confined Walker
circulations, the vertical motion is maintained by
transient-eddy vorticity tendencies, while in wider
Walker circulations, the vertical motion is partially
maintained by a linear vorticity balance. This further
suggests that Walker circulations are energetically con-
trolled and that the vorticity equation adjusts to the time-
mean circulation by whatever means possible given the
background environment. Levine and Boos (2016) find
subtropical circulations to be first baroclinic across a
wide range of climates, suggesting that the energy ex-
port by divergent circulations in the subtropics could
also be quantified using the GMS constraint (13).
However, the divergent energy export would not be
directly related to the net energy input [i.e., Eq. (7)
would not hold], because horizontal MSE advection is
important in the subtropics.
d. Sensitivity of Walker circulation to Q-flux changes
Based on the scalings (10) and (14), the strength of the
Walker circulation should be proportional to the zonally
anomalous net energy input F net* . Because F net* is de-
termined by the imposed ocean heat flux convergence in
our simulations, the Walker circulation strength should
linearly increase with the imposed forcing. We test this
by running a sensitivity test, varying Q1 from 10 to
100Wm22 in 10Wm22 increments. The resulting zon-
ally anomalous net energy input and Walker circulation
strength are shown in Fig. 6. The Walker circulation
strength responds sublinearly because there is an in-
creasingly important damping by transient-eddy MSE
fluxes as the forcing amplitude is increased. This reduces
the energy available for time-mean updrafts (solid vs
dashed black line in Fig. 6a). In the simulation with the
strongest forcing, there is a reduction in Walker circu-
lation strength of 35% compared to the linear extrapo-
lation from the simulation with the weakest forcing
(Fig. 6b). The sublinear change in Walker circulation
strength is predicted correctly if hv*›phi is included in
the scaling (14) (dashed black line in Fig. 6b). The GMS
determines the linear sensitivity of the Walker circula-
tion strength to imposed energy fluxes (slope of lines in
Fig. 6b). Departures from linearity are caused by zonally
anomalous transient-eddyMSE fluxes, which reduce the
Walker circulation strength as the forcing amplitude
increases, so that the response becomes more nonlinear.
e. Sensitivity of GMS to tropopause height and
lower-tropospheric specific humidity
The GMS is a difficult quantity to calculate from ob-
servations because it depends sensitively on the vertical
structures of vertical winds and MSE. For this reason, it
is useful to make further approximations to the vertical
structure. If, for example, the vertical velocity profile
were approximated by a uniform profile between the
LCL and the tropopause and zero otherwise, the GMS
would simplify to
Dh[ [h
tropopause
]2 [h
LCL
] . (15)
The motivation for choosing the LCL instead of the
surface as the lower boundary of the integral is to
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represent the fact that vertical velocities are small in
the boundary layer, where MSE is strongly stratified.
This MSE difference Dh would be zero if the stratifi-
cation were moist adiabatic (Emanuel 2007). It is pos-
itive primarily as a result of subsaturation of the
atmosphere. Averaged over the tropics (between 1108
and 2108 latitudes), Dh scales similarly to M1 across
the range of climates (Fig. 4b).
We investigate the temperature, geopotential, and
moisture contributions to GMS by splitting Dh into its
components (Fig. 7):
Dh5DT1DF1Dq . (16)
The geopotential term DF is large and positive
throughout the range of climates; it increases with the
height of the tropopause. Neglecting the small specific
humidity near the tropopause, the moisture term
Dq’2[qLCL] shows the Clausius–Clapeyron increase of
boundary layer moisture content, which acts to reduce
GMS with warming. The dry stratification term DT
shows the increasing magnitude of the LCL–tropopause
temperature difference with warming, which also acts to
reduce GMS. This results despite the reduced dry static
stability because the tropopause rises. The steady in-
crease in LCL temperature drives the increasing mag-
nitude of DT. By contrast, the tropopause temperature
varies little as the climate changes in response to in-
creasing atmospheric longwave opacity, as expected
from its primary dependence on OLR (Schwarzschild
1906; Schneider 2007). The full GMS, as diagnosed from
Dh, is a small residual of these large terms.
Overall, we find that GMS increases with global
warming as the troposphere deepens. This increase is only
partially offset by the increase of lower-tropospheric
specific humidity. Chou and Chen (2010) find this mech-
anism to operate in intermediate-complexity and com-
prehensive climate simulations over a limited range of
climate change (i.e., doubled CO2 experiment). Our re-
sults suggest that it is relevant over a much wider range of
climates. While the fractional changes are largest for Dq,
the larger value ofDF in the reference climatemeans that
it dominates changes in Dh across the range of climates
studied.GMS is thus positive and increaseswith warming.
4. Sensitivity of Walker circulation P2E
anomalies to global warming
The scalings (10) and (14) for the Walker circulation
strength can be applied to understand changes in zonally
FIG. 7. (a) Decomposition of tropical-mean Dh into components
from geopotential DF, moisture Dq, and temperature DT. The
reference-climate value of Dh is indicated with a filled circle. The
increase in GMSwith warming due to the geopotential term, which
increases with tropopause height, overwhelms the decrease in
GMS with warming from the temperature and moisture terms,
which decrease as the LCL temperature and moisture content in-
crease. Changes in tropopause temperature and moisture content
are negligible.
FIG. 6. Zonally anomalous net energy input to the atmosphere
and Walker circulation strength as a function of the strength of
zonally anomalous ocean forcing Q1. Averaging is done over the
region where the ocean heat flux convergence is greater than 20%
of Q1. (a) As in Fig. 2, but for the sweep of Q1. It shows a slight
departure of hv›phi* from the imposed ocean heat flux conver-
gence because the importance of transient-eddy MSE fluxes in-
creases with forcing strength. (b) As in Fig. 4c, but for the sweep of
Q1. It shows how well the scalings (14) predict changes in Walker
circulation strength. The thin dotted line shows the Walker circu-
lation strength that would result from a linear extrapolation from
the 10Wm22 forcing (sold circle).
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anomalousP2E over the ascent region, which are small
(,2%K21) in our simulations (Fig. 4d; cf. Wills and
Schneider 2016). In this way, we can provide a mecha-
nistic reason for the relatively constant P 2 E and P
anomalies in our simulations and in the similar simula-
tions of Merlis and Schneider (2011). Changes in zonally
anomalous P 2 E have been shown to be governed by
changes in zonally anomalous vertical velocities vpi* in
the lower troposphere and changes in zonal-mean sur-
face specific humidity (Wills and Schneider 2016; Wills
et al. 2016):
P*2E*;2g21[q
s
]v
pi
* . (17)
Here, pi is a lower-tropospheric reference pressure.
With pi 5 800hPa, this scaling captures the lack of
change in zonally anomalous P 2 E throughout the
range of climates (solid line, Fig. 4d).1 The decrease in
circulation strength cancels the increase in surface spe-
cific humidity, which would otherwise lead to a strong
wet-gets-wetter effect (blue line, Fig. 4d). This moisture
budget approximation can be combined with the baro-
clinic mode circulation strength scaling (14) to relate the
P 2 E anomaly to the zonally anomalous net energy
input F net* and the baroclinic mode GMS estimate M1
(dashed line, Fig. 4d):
P*2E*; [q
s
]
F
net
*
M
1
V
1
(800 hPa)
Vmax1
. (18)
Here, we used the vertical wind mode V1( p) to convert
the scaling (14) for vmax* into a scaling for v*( p) at
800 hPa. This provides an accurate P 2 E scaling in all
but the warmest climates, where P2 E is overestimated
owing to an overestimation of v*( p). The zonal-mean
specific humidity [qs] and baroclinic mode GMS esti-
mate M1 both change substantially with warming, but
they influence P 2 E anomalies in opposite ways. The
lack of change in P 2 E anomaly results from the can-
cellation of changes in these two terms.
5. Discussion
Much of the early work on Walker circulations has
focused on the role of tropical SSTs (Bjerknes 1969,
1972). SSTs are more easily measured than the surface
and top-of-atmosphere energy fluxes that are used in the
theory of this paper. Fortunately, there exists a link
between SSTs and evaporation, which is the dominant
energetic term that balances ocean heat flux conver-
gence. Merlis and Schneider (2011) show that in similar
aquaplanet GCM simulations, east–west differences in
evaporation DE are dominated by east–west differences
in saturation specific humidity qs, which are a function of
east–west differences in SST (ignoring air–sea temper-
ature differences):
DE;Dq
s
(SST). (19)
This relation can be inverted to give an expression for
the east–west SST difference (DSST):
DSST;

›q
s
›T
21
DE . (20)
The result is that the east–west differences in evapo-
ration and SST are linearly related, though with a
thermodynamic coefficient that varies strongly with
mean temperature through the Clausius–Clapeyron
relationship.
The implication of this, given the approximate line-
arity of the Walker circulation response to energetic
forcing (Fig. 6), is that the sensitivity of Walker circu-
lations to SST gradients could depend on mean tem-
perature. However, in our idealized GCM experiments,
as the mean climate is warmed, the decreasing thermo-
dynamic coefficient in Eq. (20) is offset by the increase
in gross moist stability such that fractional changes in
Walker circulation strength are similar to fractional
changes in SST gradient across the range of climates
(Fig. 8). This is qualitatively consistent with observa-
tions and comprehensive climate simulations of the past
century, which have shown a concomitant weakening of
the Walker circulation and zonal SST gradient in the
equatorial Pacific (Tokinaga et al. 2012). Further mod-
eling studies are required to test if this cancellation al-
ways occurs in this way, such that SST gradients and
Walker circulation strength are approximately linearly
related across a wide range of climates.
In the real climate system, the zonally anomalous net
energy input will include radiative effects of clouds and
water vapor. Knutson and Manabe (1995) show that
there is an increase in the clear-sky radiative cooling of
the western Pacific with warming, arising primarily from
the increase in atmospheric moisture content in this
region. This radiative cooling reduces the Walker cir-
culation strength according to our energetic framework.
Peters and Bretherton (2005) used an idealizedmodel of
the Walker circulation to investigate the role of water
vapor and cloud radiative effects in more detail. They
also find that clear-sky radiative fluxes dominate
1 This scaling works well for other choices of pi in the lower
troposphere. We choose 800 hPa to emphasize that this does not
need to be the same as the LCL pressure.
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tropospheric radiative cooling changes and, thus, exert
an important influence on the strength of the Walker
circulation.
High clouds, which dominate the cloud climatology in
the ascending branch of the Walker circulation, do not
have a large influence on the zonally anomalous energy
input, because of a cancellation between heating from
longwave absorption and cooling from shortwave re-
flection (Ramanathan et al. 1989; Harrison et al. 1990;
Hartmann et al. 2001). Therefore, high clouds have
only a small influence on theWalker circulation strength
(Peters and Bretherton 2005). Low clouds, however,
provide a strong column-integrated cooling because
their albedo effect dominates over their greenhouse
effect (Ockert-Bell andHartmann 1992; Hartmann et al.
1992). Their column cooling reduces the zonal-mean
radiative heating in the tropics. The relative lack of low
clouds in the warm pool would thus result in a positive
zonally anomalous net energy input, increasing the cli-
matological Walker circulation strength. This agrees
with the results of Peters and Bretherton (2005). Any
changes in low clouds would have a corresponding in-
fluence on the Walker circulation strength (e.g., an in-
crease in low-cloud reflection in the descending branch
would increase the strength of the Walker circulation).
6. Conclusions
The relationships (9), (10), and (14) for the Walker
circulation strength provide a simple picture of how
local energetic constraints can lead to a slowdown of
the Walker circulation with global warming. They
predict the strength of the Walker circulation associ-
ated with zonally anomalous sources and sinks ofMSE.
Changes in the denominator of these expressions il-
lustrate the anomalous gross moist stability mecha-
nism of Chou and Neelin (2004). Other MSE based
mechanisms involve changes in the numerator, such as
the upped-ante mechanism (Chou and Neelin 2004;
Chou et al. 2009) based on changes in the horizontal
advection of MSE. The response to global warming in
our simulations is dominated by an increase in GMS
due to the increasing depth of the troposphere, which
leads to a weakening of the Walker circulation
throughout the range of climates (Fig. 4c; cf. Chou and
Chen 2010).
The grossmoist stability (GMS) provides ameasure of
how much energy is exported out of deep convective
regions per unit convective mass flux. As the mean cli-
mate warms, convective outflows transport more energy
per unit convective mass flux. The GMS depends on the
vertical structure of zonally anomalous tropical circu-
lations, which, for deep circulation, is well described by
the first baroclinic mode (Neelin and Zeng 2000). Using
convective quasi-equilibrium theory, we have derived
an approximation for the GMS that captures its increase
with warming. The GMS for the Walker circulation is
thus primarily determined by the tropical-mean
temperature and MSE profiles, which are close to
those determined from radiative–convective equi-
librium (RCE). The increase of GMS and decrease of
Walker circulation strength with warming are well cap-
tured by QE and RCE.
Our analysis reveals that the Walker circulation
weakens with warming in our idealized GCM simula-
tions as a result of the increase in tropopause height. The
increasing tropopause height leads to an increasing dif-
ference in gravitational potential energy between con-
vective inflows and outflows, which dominates smaller
changes in LCL temperature and moisture content,
leading to an increase in GMS. These dominant in-
fluences on GMS and Walker circulation strength are
illustrated schematically in Fig. 9. The take-home un-
derstanding is that the Walker circulation strength is set
locally by the energy available. The GMS determines
the sensitivity to this energetic forcing by characterizing
the energy exported out of the convective region per
unit convective mass flux:
Walker circulation strength5
Total zonally anomalous energy input to the atmospheric column
Energy export per unit convective mass flux
. (21)
FIG. 8. The decrease inWalker circulation strength (as in Fig. 4a)
and east–west temperature difference (DSST; as measured by the
difference in surface temperature between ascent and descent
regions, both defined where jQj . 10 Wm22) across the range of
climates in the idealizedGCM. The reference climate (289-K global-
mean surface temperature) is indicated with a filled circle.
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APPENDIX A
Derivation of Vertical Velocity Mode
The derivation of the vertical wind modes V1( p) fol-
lows Levine and Boos (2016).
The basis for an understanding of the vertical
structure of perturbations to the tropical atmosphere
is that variations in saturation moist static energy
(MSE) are invariant with height above the LCL
(Arakawa and Schubert 1974; Emanuel et al. 1994;
Emanuel 2007), a state called convective quasi equi-
librium (QE). Temperature variations at a pressure p
can be related to the saturation MSE hsat by differ-
entiating the expression for saturation MSE with re-
spect to temperature,
1
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p
dh
sat
dT

p
5 11 z
T
1 q
T
, (A1)
where
q
T
5
L
c
p
dq
sat
dT

p
5
L2(q
sat
)
r
c
p
r
y
T2r

11
r
y
r
d
q
sat
2 q
sat

r
(A2)
and
z
T
5
g
c
p
dz
dT

p
52
r
d
c
p
log
p
p
s
. (A3)
Here qsat is the saturation specific humidity, L is the
specific latent heat of vaporization, ry and rd are the
specific gas constants of water vapor and dry air, re-
spectively, and cp is the specific heat capacity at constant
pressure. Note that temperature and saturation specific
humidity are defined in their native units throughout the
appendix (as opposed to themain text, where they are in
units of joules per kilogram). Hydrostatic balance was
used to express the sensitivity of geopotential height to
temperature as a function of pressure. These expressions
depend on the tropical-mean temperature Tr and satu-
ration specific humidity (qsat)r, where ()r denotes a
tropical average (averaged between 1108 and 2108
latitudes) at constant p.
Similarly, LCL temperature variations can be related
to LCL saturation MSE variations,
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FIG. 9. Schematic of factors that influence the Walker circulation as the climate warms. With fixed ocean heat
flux forcing (orange), the Walker circulation decreases in strength (black arrows), predominantly owing to the
increased energetic requirements of reaching a higher tropopause height (dashed line), where the deepest
convective parcels reach their level of neutral buoyancy. The enhanced boundary layer moisture content (blue
shading) is the dominant reason for the higher level of neutral buoyancy (through its influence on reducing the
moist adiabatic lapse rate), but it also acts to reduce the energetic requirements of time-mean updrafts, mod-
erating the tropopause height influence. These influences are characterized by the MSE difference Dh between
the LCL (dotted line) and the tropopause (dashed line). TheMSE difference Dh increases with warming because
the increase in tropopause depth DF dominates smaller changes in bulk moisture and temperature stratification,
Dq and DT. Increases in magnitude with warming are indicated by [. Contributions that are positive (negative)
are indicated by plus (minus) signs.
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where the subscript b denotes LCL values. This allows
us to define a temperature mode, which relates varia-
tions in LCL temperature to variations in temperature in
the free troposphere,
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The QE circulation model introduced by Neelin and
Zeng (2000) makes further simplifications of this ex-
pression as detailed in Levine and Boos (2016). We use
the full expression [Eq. (A5)] in order to best capture
changes in the vertical structure of tropical perturba-
tions across a wide range of climates.
The sensitivity of free-tropospheric temperature to
changes in low-level temperature is nearly invariant in
the tropics, as temperature cannot be significantly dif-
ferent from its tropical-mean profile (Charney 1963;
Sobel et al. 2001). This state of weak temperature gra-
dients in the tropics allows us to linearize temperature,
T(x, p, t)’T
r
( p)1A
1
( p)  T
1
(x, t), (A6)
where Tr defines the tropical-mean temperature profile
and T1 is the local temperature anomaly at the LCL.
On Earth, tropical circulations show a dominant
baroclinic structure (e.g., Trenberth et al. 2000), con-
sistent with circulations being thermally driven and
divergent to first order. In this scenario, it is useful to
decompose horizontal winds into barotropic and baro-
clinic components, u(x, p, t)5 ur( p)1V1( p)  u1(x, t).
FIG. B1. Vertical profile of tropical-mean (averaged between 1108 and 2108 latitudes) MSE in (a) the full
simulations and (b) the RCE simulations, as a function of global-mean surface temperature, across the range of
climates simulated. The tropical-mean tropopause height is shown with a black line, the LCL (850 hPa) is shown
with a dotted line, and the pressure at whichV1( p) is maximum for each climate, computed through a cubic spline
fit to the profiles in (c) and (d), is shown with white dots. Nondimensional QE vertical velocity profile V1(p) for
(c) the full simulations and (d) theRCE simulations. Profiles are shown for 14mean climate states color coded from
coldest (blue) to warmest (yellow). (e) Walker circulation GMSM (line with circles) across the range of climates
and estimates based on baroclinic mode theoryM1 (solid line) and fromM1 computed with the temperature and
MSE profiles from RCE (red line).
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By plugging modal decompositions for temperature and
horizontal winds into the momentum equation in a hy-
drostatic atmosphere, we obtain an expression forV1( p),
the vertical structure of the baroclinic wind:
V
1
( p)5A11 2
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p
t
2 p
s
ðpt
ps
A11 dp , (A7)
where
A11 5
ðp
ps
A
1
dp (A8)
and pt is the tropopause pressure.
Finally, we solve for the vertical structure of vertical
velocity in baroclinic perturbations by using continuity,
obtaining
V
1
( p)5
1
p
s
ðp
ps
V
1
dp . (A9)
The result is that V1(p) is determined from the tem-
perature mode [Eq. (A5)] through use of the relations
(A7)–(A9). Because of multiple tropospheric averages,
the vertical wind mode is quite sensitive to changes in
the tropopause height.
APPENDIX B
Radiative–Convective Equilibrium Simulations
The zonal-mean GMS estimate M1 is computed en-
tirely from the tropical-mean temperature and MSE
profiles. GMS can thus be thought of as an external
parameter in the response of circulations to climate
change, to the extent that the temperature and MSE
profiles are consistent with radiative–convective equi-
librium (RCE). We test this with a radiative–convective
model of the atmosphere, which is constructed from the
idealizedmoist GCMby disabling all lateral fluxes in the
atmosphere. The atmosphere adjusts directly to local
radiative and surface enthalpy fluxes, with convection
and boundary layer turbulent fluxes acting to homoge-
nize MSE and specific humidity in the air column. Pa-
rameterizations for surface latent and sensible heat
fluxes, boundary layer fluxes, and vertical diffusive
fluxes require a horizontal wind profile to be prescribed;
here, we apply a uniform wind of 2ms21. This RCE
model is identical to that described in O’Gorman and
Schneider (2008) and Schneider and O’Gorman (2008),
except for the prescribed value of horizontal wind. The
zonal-mean MSE profiles in the RCE simulations
(Fig. B1) look similar to those in the full simulations,
despite an offset in global-mean surface temperature
and corresponding offset in MSE at all levels. The QE
baroclinic mode profiles V1( p) in the RCE simulations
are also comparable to those in the full simulations. The
GMS computed from the RCE simulations shows a
similar change across the range of climates to the full
GCM, though with some differences in intermediate
climates. This suggests that GMS changes can be esti-
mated from a single-column model.
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